Abstract. The Campanian-Maastrichtian (83-66 Ma) was a period of global climate cooling, featuring significant negative carbon-isotope (δ 13 C) anomalies, such as the Late Campanian Event (LCE) and the Campanian-Maastrichtian Boundary Event (CMBE). A variety of factors, including changes in temperature, oceanic circulation and gateway opening, have been invoked to explain these δ 13 C perturbations, but no precise mechanism has yet been well constrained. In order to improve our understanding of these events, we measured stable carbon and oxygen isotopes of hemipelagic sediments from the Shuqualak-Evans cored borehole (Mississippi, USA) and compared the data with previously published sea-surface temperature (SST) estimates from the same core. We found that the CMBE can be recognised, unambiguously, in the ShuqualakEvans core, and that it is associated with an interval of cooler SSTs suggesting a possible mechanistic link between palaeotemperature change and this event. Determining the precise position of the LCE in the Shuqualak-Evans core is more problematic, but it may also be associated with cooler SSTs. Our combined records of carbon cycling and SSTs compare well with other studies and provide evidence that cooling during the CMBE (and possibly LCE) was global in nature and affected surface waters, in addition to the deep-ocean. We suggest that short-term cooling drove intensification of high-latitude deep-water formation, which in turn led to changes in the ratio of carbonate to organic carbon burial that led to a negative δ 13 C excursion. Critically, the absence of warming during these intervals implies that the Late Cretaceous events must not have been associated with an appreciable increase in atmospheric pCO 2 , and was likely associated with decreased pCO 2 .
Introduction
The early Late Cretaceous (Cenomanian -Turonian) was characterised by one of the warmest palaeoclimates of the past 140 million years (ʻhothouse climateʼ: Wilson et al. 2002 , Hay 2008 , 2011 , Friedrich et al. 2012 , Kidder and Worseley 2012 ). This Cenomanian -Turonian world likely featured ice-free polar regions (Barron et al. 1981 , Barron 1983 , Ladant and Donnadieu 2016 , tropical and subtropical sea-surface temperatures (SSTs) warmer than 35°C (Forster et al. 2007 , Bornemann et al. 2008 , Sinninghe Damsté et al. 2010 ) and a shallow latitudinal temperature gradient (Huber et al. 1995 , Bice et al. 2003 , Hay and Floegel 2012 . By contrast, the late Turonian -Maastrichtian is considered an interval of global cooling (e. g., Jenkyns 1999, Linnert et al. 2014) , possibly driven by declining atmospheric pCO 2 (e. g., Jenkyns et al. 1994 , Berner and Kothavala 2001 , Tabor et al. 2016 ). This decrease in pCO 2 may have been the result of reduced rates of mid-ocean ridge and large igneous province activity (Larson 1991 , Coffin et al. 2006 . Additio nally, the reconfiguration of oceanic gateways may have affected deep-water circulation and oceanic heat transport. For example, it has been suggested that opening of the Equatorial Atlantic Seaway contributed to Late Cretaceous cooling by allowing cool southerncomponent waters to enter the warm North Atlantic Basin (e. g. Arthur 1999, Friedrich et al. 2012) .
The Campanian is a key interval in the Late Cretaceous, as it marks the transition between the mid-Cretaceous ʻhot greenhouseʼ and the ʻcool greenhouseʼ of the Maastrichtian and early Paleocene (Clarke and Jenkyns 1999 , Zachos et al. 2008 , Friedrich et al. 2012 , Ando et al. 2013 , Linnert et al. 2014 , Falzoni et al. 2016 . The cooling was accompanied by changes in global oceanic circulation towards a mode of deepwater formation in high southern latitudes, although the precise timing and geographic influence of these changes is still being revealed , Frank and Arthur 1999 , Huber et al. 2002 , Cramer et al. 2009 , Robinson et al. 2010 , MacLeod et al. 2011 , Friedrich et al. 2012 , Martin et al. 2012 , Robinson and Vance 2012 , Murphy and Thomas 2012 , Jung et al. 2013 , Voigt et al. 2013 , Moiroud et al. 2013 . Changes in the location and style of deep-water formation have been considered as possible triggers for perturbations of the global carbon cycle, such as the CampanianMaastrichtian Boundary Event (CMBE; Friedrich et al. 2009 ). However, other factors, such as eustatic sealevel falls (Jarvis et al. 2002 (Jarvis et al. , 2006 , a reduced rate of organic-matter flux (Friedrich et al. 2009 ) and tectonic processes (Voigt et al. 2010 (Voigt et al. , 2012 may also have contributed.
Here, we present new Campanian -Maastrichtian bulk-rock geochemical data (δ 13 C, δ 18 O, TOC and %CaCO 3 ) from the Shuqualak-Evans core (Mississippi, USA). Linnert et al. (2014) published a record of SSTs from this site, which they argued was largely controlled by global climate change. The comparison of this dataset with new data from the same core enables us to discuss the carbon-isotope record with regard to general global climate evolution. This discussion may help us to answer the question of whether prominent carbon-isotope excursions around the late Campanian -early Maastrichtian interval are related to the general trend of palaeotemperatures.
Geological setting and materials
During the Campanian -Maastrichtian, the Mississippi embayment was a relatively shallow epicontinental sea ( Fig. 1 ) that covered much of the modern states of Louisiana, Mississippi and Florida. The ShuqualakEvans core was drilled in Shuqualak, Mississippi, USA (32°58Ј 49Љ N, 88°34Ј 8Љ W), recovering a nearcontinuous, ~240 m-thick sequence of mainly Campanian and Maastrichtian marine sediments (Fig. 2) . The base of the sequence (~253.2-252 m drilling depth) is characterised by glauconitic sandstones of latest Santonian -earliest Campanian age (Linnert et al. 2014) . These sandstones are overlain by the lower Campanian Mooreville Formation (~252-180 m), which is mainly composed of marls and marly chalk. The lower Campanian Arcola Limestone was recovered between 180 m and 175 m. The interval from 175 m to ~9 m belongs to the lower Campanianupper Maastrichtian Demopolis Formation and is dominated by marls and chalks (Fig. 2) . Calcareous nannofossil and planktonic foraminiferal biostratigraphy (Linnert et al. 2014) , suggests that most of the cored interval (253.19 m-22.86 m) was deposited during the Campanian (83.2-72 Ma), whereas the entire Maastrichtian (72 -66 Ma) is only represented by 13.41 m of sediment. For geochemical analyses, 160 samples were analysed from the core, at approximately 1.5 m resolution.
In addition to the data from the Shuqualak-Evans core, we also provide new stable-isotope data from between ~100 m and 150 m depth in the British Geological Survey Trunch core drilled through the English Chalk to increase the stratigraphic resolution through the Late Campanian carbon-isotope Event (LCE). The Trunch borehole is situated in Norfolk, UK and is one of the key records for Upper Cretaceous integrated stratigraphy (Jenkyns et al. 1994 , Jarvis et al. 2002 , Voigt et al. 2010 .
Methods

Carbonate content and TOC
Total carbon (TC) and total organic carbon (TOC) were measured on each sample from the ShuqualakEvans core to aid interpretation of the geochemical data. Bulk powdered samples were obtained by drilling fresh rock surfaces with a 0.5-1 mm drill-bit. Samples were analysed using a Thermo Flash EA 1112 elemental analyser in the laboratories at University College London (UCL). For the TOC analysis, each sample was decarbonated in a silver foil capsule, using 10 % hydrochloric acid, and dried down on a hotplate. TC was measured on unacidified samples in aluminium foil capsules. Total inorganic carbon (TIC) was calculated by the subtraction of TOC from the TC. Then by assuming that TIC to be associated with CaCO 3 , it was possible to calculate %CaCO 3 by simply multiplying TIC by 8.3333 (recurring; the carbon represents 1/8.333 part of the CaCO 3 ). Repeated analysis of internal standards suggest that the standard deviation on TC and TOC measurements is Ȁ 0.1%. 
Bulk
Results
TOC and CaCO 3 values
The stratigraphic variations in TOC and %CaCO 3 from the Shuqualak-Evans core are shown in Figure 2 and provided in Supplementary Sa. Jenkyns et al. (1994) ; Jarvis et al. (2002) new data Biostratigraphy after Jenkyns et al. (1994) , Jarvis et al. (2002) and Voigt et al. (2010 Voigt et al. ( , 2012 (Figure 3 ; Jenkyns et al. 1994) . The higher resolution carbon-isotope stratigraphy of the LCE suggests that the magnitude of this event may have been slightly larger (by about 0.2 ‰) than estimated from the low-resolution dataset, but otherwise the new data do not significantly alter the view of the LCE.
Discussion
5.1 Is a primary carbon-isotope signal preserved in the Shuqualak-Evans core?
Before interpreting bulk-carbonate carbon-isotope data from the Shuqualak-Evans core as a primary seawater signal, it is necessary to consider whether secondary effects, such as the reworking/variable input of calcareous sediments and diagenesis, may have influenced the δ 13 C data. The lack of evidence for reworking of pre-Campanian calcareous nannofossils and planktonic foraminifera (Linnert et al. 2014) indicates no significant deposition of allochthonous carbonates. There is little evidence for carbonate diagenesis from calcareous nannofossils and planktonic foraminifera because assemblages are almost exclusively very well preserved throughout the studied section. Only in the uppermost part of the studied section (9.45-22.86 m) does nannofossil preservation decline, although even here it is still relatively good. A reduction in the quality of carbonate preservation in this uppermost part of the core may also be indicated by more variable carbonisotope values, which are possibly related to some degree of recrystallisation. Such an increased variability of δ 13 C data is observed for the interval below 148 m and for samples above 50 m, both intervals of relatively low CaCO 3 and high TOC content (Fig. 2) . These lower carbonate values may indicate an increased dilution by non-carbonate components, or a change in carbonate productivity, possibly driven by factors such as changing terrestrial run-off or surface-water circulation patterns. The carbon-isotope values are generally consistent with those of other Upper Cretaceous pelagic marls and chalks, and hemipelagic deposits, all interpreted as representing primary seawater signals (e. g., Jenkyns et al. 1994 , Jarvis et al. 2002 , Li et al. 2006 , Voigt et al. 2010 , Wendler et al. 2011 , albeit 0.5-1 ‰ lighter. The δ
18
O values are generally consistent with carbonate formed from seawater, and are not anomalously isotopically light, as would be expected if the carbonate had been affected by extensive meteoric, or extreme burial, diagenesis. However, one data-point (occurring in the glauconitic sandstone at the base of the core) has distinctly lower δ 13 C and δ 18 O values compared to the rest of the dataset. This single data point may derive from carbonate that is not entirely marine in origin (the lithology of this sample indicates shallower-water deposition), and so is not included in the discussion of carbon-isotope stratigraphy that follows. Excluding this one sample, there is no significant correlation between δ 13 C and δ 18 O (Figure 4a ), which suggests that the carbon-isotope data have not been affected by diagenesis, and so can be interpreted as a primary recorder of sea-water δ 13 C (as discussed in many previous publications, including Veizer 1983 and Sharp 2006) . Furthermore, cross-plots between geochemical (δ eschweizerbart_xxx TOC) support the assertion that no strong diagenetic effect has influenced the isotopic values, as there is no significant correlation between any of these parameters (Figure 4b -e).
Carbon-isotope stratigraphy and refinement of the age-model for the Shuqualak-Evans core
Previous high-resolution studies of Upper Cretaceous carbon-isotope stratigraphy (e. g. Jarvis et al. 2002 , Voigt et al. 2010 , Thibault et al. 2012a , b, Wendler 2013 have revealed five to seven stratigraphically significant carbon-isotope excursions (CIEs) in the Santonian -Maastrichtian interval. These excursions include the Santonian -Campanian Boundary Event (SCBE, positive excursion), the LCE (negative excursion), the CMBE (negative excursion), the MidMaastrichtian Event (MME, a two step positive excursion) and the Cretaceous -Paleogene Boundary Event (KPgE, major negative excursion; e. g. Jarvis et al. 2002 , Voigt et al. 2010 . Further isotopic anomalies are described in the work of Jarvis et al. (2002) and Thibault et al. (2012a, b) , including the Mid-Campanian Event (MCaE, positive excursion) and the latest Campanian Epsilon Event (CEE, negative excursion). The uppermost ~40 m of the Shuqualak-Evans core are difficult to correlate with certainty, due to the relatively condensed nature of the Maastrichtian sequence (Linnert et al. 2014) . Carbon-isotope values are generally relatively light, albeit with some scatter. Slightly higher δ 13 C values between ~16 m and 20 m may correlate with the MME, as the base occurrence of Lithraphidites quadratus (nannofossil) is at 16.76 m, which is associated with the MME elsewhere (Voigt et al. 2012) .
The most striking feature of the carbon-isotope record is the shift towards more negative δ 13 C values between 50 m and 40 m depth (Figs. 2, 4) . Above this transition, at approximately 23 m depth, Linnert et al. (2014) reported top Uniplanarius trifidus, top Tranolithus orionatus (nannofossils) and base Gansserina gansseri (planktonic foraminifer) (Fig. 5) . Voigt et al. (2012) discussed the relative merits of these biostratigraphic markers and suggested that all three are closely associated with the CMBE, indicating that the negative excursion between 50 m and 40 m can be correlated with the onset of this global CIE.
A second small negative excursion, which shows a similar magnitude to the LCE in European sections (including the high resolution record from the Trunch borehole; Figures 3 and 5) is observed in the Shuqualak-Evans core at ~90-100 m depth. This isotope anomaly, however, occurs well below the bases of the two index taxa Radotruncana calcarata (planktonic foraminifer, 89.89 m) and Uniplanarius trifidus (calcareous nannofossil, 91.44 m; Linnert et al. 2014) , which constrain the stratigraphic position of the LCE at other localities. According to data from those other localities, the LCE appears within (Gubbio, Italy and Shatsky Rise, NW Pacific), or above (Tercis, France and Tibet), the R. calcarata planktonic foraminiferal zone (Wendler et al. 2011 , Voigt et al. 2012 , Wendler 2013 . Thus, it is unlikely that the δ 13 C excursion below ~90 m represents the LCE, as defined by Voigt et al. (2012) , unless a minor hiatus exists. However, based on the biostratigraphy, the LCE may be recorded in Shuqualak by a weak negative excursion (~82-88 m, Fig. 5 ) within the R. calcarata zone. If correct, then this would suggest a much less significant LCE, compared to the magnitude of the excursion in European sections.
An alternative definition for the LCE is given by Thibault et al. (2012a) , who suggested a longer duration for the event, beginning with a small negative δ 13 C excursion, followed by a short recovery interval and, in the European sections, by a much more pronounced second negative excursion. A similar LCE definition is also used by Chenot et al. (2016) , who termed the older, smaller peak the "pre-LCE" and the younger, larger excursion the "LCE main". The minor pre-LCE, which is closely associated with the base of U. trifidus, is well developed at Tercis and in northern Germany (see Fig. 4 in Thibault et al. 2012a; see Figs. 3, 6 in Voigt et al. 2012) . At Shuqualak, the pre-LCE excursion (Fig. 5) is perhaps represented by the distinctive isotope anomaly measured below 90 m. In contrast to European sections, the LCE from Mississippi may begin with a well-pronounced pre-LCE, followed by a much weaker LCE main (Figs. 5, 6 ). However, there are still some discrepancies about this interpretation and the position of the R. calcarata Zone because, in some European sections, the pre-LCE appears well within that biozone (e. g., Tercis; Thibault et al. 2012a , Voigt et al. 2012 , Chenot et al. 2016 , whereas in Shuqualak it lies below that biozone.
Some diachroneity of the R. calcarata biozone is perhaps related to local palaeoenvironmental stress (i. e. relatively shallow water depths, eutrophic vs. oligotrophic conditions, water mass stratification ...) affecting the stratigraphic appearance of R. calcarata. Tercis, France; northern Germany; eastern England: after Jarvis et al. 2002 , Voigt et al. 2010 are plotted using the age-model of Voigt et al. (2012) ; samples older than 79 Ma are interpolated by using the GTS age of the Santonian-Campanian boundary (83. eschweizerbart_xxx This is supported by the observation that the genera Globotruncana, Globotruncanita, and Globotruncanel la, which are usually common in late Campanian deeper-water settings (Abramovich et al. 2003 , 2010 , Pérez-Rodríguez et al. 2012 , are only represented in Shuqualak Evans by a few specimens each, suggesting conditions were not suitable for all planktonic foraminifera. Thus, it is possible that the stratigraphic range of R. calcarata is shorter in Shuqualak than in other North Atlantic localities due to local conditions. The higher δ 13 C values below base U. sissinghii (at 134.11 m; Fig. 5 ) may correlate with the MCaE, which was observable in the same stratigraphic position at Tercis (see Fig. 3 in Voigt et al. 2012) . At Tercis, the lower boundary of the MCaE is defined by a negative excursion (see Fig. 4 in Thibault et al. 2012a). Such a negative peak is observed in the Shuqualak-Evans core at ~165 m. The MCaE is not as well constrained as the younger events, however, having only been previously documented in France (Thibault et al. 2012a ) and England (Jenkyns et al. 1994 , Jarvis et al. 2002 . The older SCBE, which was originally described from below base Broinsonia parca subsp. parca (nannofossil) (Jarvis et al. 2002 , Voigt et al. 2010 , was not encountered in the Shuqualak carbon-isotope record, as only a few samples were measured below that bioevent (248.41 m). The sedimentary record below 248.41 m is increasingly discontinuous as the basal sediments are highly condensed, glauconite rich and interrupted by several hiatuses. Whereas sample 249.94 m is dated as Campanian, sample 251.46 m is supposedly of latest Santonian age due to the presence of the Santonian planktonic foraminifer Dicarinella asymetrica. The coeval occurrence of early Campanian nannofossil species Arkhangelskiella cymbifomis in the same samples (251.46-253.19 m) suggests that the basal sediments from Shuqualak were deposited during the Santonian-Campanian transition.
Our isotope calibration of the Shuqualak-Evans core implies that the age-model published in Linnert et al. (2014) should be subtly refined, especially for the late Campanian-early Maastrichtian interval. In addition to calcareous nannofossil and planktonic foraminifer bioevents, the new model also considers the onset of the CMBE as a tie point, which was, following Voigt et al. (2012) , set to 73 Ma. Our revised agemodel ( Fig. 6 and Supplementary Table 3 ) suggests that sedimentation rates were highest in the early Campanian (~2.8 cm/kyr for the interval 251.5-84 m), decreased during the late Campanian (~1.3 cm/kyr for the interval 84-29 m and ~0.5 cm/kyr for the interval 29-17 m) and were lowest in the Maastrichtian (~0.2 cm/kyr).
The local depositional environment
and its influence on the δ 13 C record Voigt et al. (2012) Voigt et al. 2012) . The magnitude of the CMBE (~-1.0 ‰) in the Shuqualak-Evans record is similar to that observed in the North Sea area (Voigt et al. 2012) and is consistent with similar shelf palaeoenvironments. This relatively high value provides further support for the idea postulated by Voigt et al. (2012) , that shallow-marine carbon reservoirs were more sensitive to local processes, such as the local oxidation of organic matter, than open-ocean sites. Furthermore, local palaeoceanographic conditions in the Mississippi embayment (e. g., productivity, remineralisation in the water column, surface-water mass circulation patterns from areas with low surface δ 13 C) may, in conjunction with differential diagenesis, explain why the ShuqualakEvans core exhibits δ 13 C values that are typically 0.5 to 1 ‰ less than coeval strata elsewhere.
Testing theories about palaeoenvironmental triggers of the CMBE and LCE
Even though the CMBE is well known from various localities around the world (Jarvis et al. 2002 , Voigt et al. 2010 , Thibault et al. 2012a , b, Jung et al. 2013 , there is still ongoing controversy concerning the causal mechanisms. At Shuqualak, the direct comparison of carbon isotope data with palaeo-SST estimates (TEX 86 ; Linnert et al. 2014) reveals that the CMBE is linked to the latest Campanian cooling. The isotope perturbation was associated with an interval of minimum SSTs, but commenced roughly 1-2 Myrs after the onset of the cooling event (Fig. 6) eschweizerbart_xxx onset of temperature change and the isotope excursion. This indicates that the temporal offsets between temperature change and carbon cycling during the CMBE were not restricted to the Pacific Ocean but were likely a global phenomenon. Such a relationship provides an important constraint on the processes triggering the CMBE. Jarvis et al. (2002 Jarvis et al. ( , 2006 suggested that the CMBE was mainly the consequence of eustatic sea-level falls, promoting lowland erosion and the oxidation of organic matter. It has been suggested that the eustatic sealevel falls were caused by the thermal contraction of the water-column, due to global cooling or by glacioeustasy (e. g., Barrera et al. 1997 , Miller et al. 1999 , 2005 , Browning et al. 2008 ). However, a glacial-eustatic mechanism seems unlikely given the lag between the onset of cooling and the CMBE. A lag of approximately 1 Myr is too long to be consistent with the build up of continental ice-sheets and sea-level fall, as this would likely have occurred over some tens of thousands of years. Similarly, the temporal lag also precludes sea-level falls due to thermal contraction of the water-column, given that the cooling and lag are observed in both SST and bottom-water records. Further arguments against a glacio-eustasic model are given by relatively warm deep-water temperatures (6-10°C; Huber et al. 1995 , Miller et al. 2005 , Friedrich et al. 2012 , warm Arctic Ocean SSTs (Jenkyns et al. 2004) , cool-temperate mean annual air temperatures on the Antarctic Peninsula (Ͼ 7°C; Poole 2002, Kemp et al. 2014 ) and the relatively long duration (Ͼ 2 myr) of the CMBE (Voigt et al. 2012) . Although other mechanisms of driving sea-level change in the Cretaceous have been proposed (recently discussed by Wagreich et al. 2014 , Sames et al. 2016 , Wendler and Wendler 2016 , such as "limno-eustasy" or "aquifer-eustasy", these mechanisms also seem unlikely, given the duration of the CMBE and the lag between climatic and carbon-cycle events.
Alternatively, it has been suggested that CIEs in the Campanian-Maastrichtian (e. g., CMBE) were the result of large-scale, solid-earth processes related to changes in plate tectonic configuration, subduction or hot-spot volcanism (Frank and Arthur 1999 , Voigt et al. 2012 , Jung et al. 2013 . The long lag time between cooling and the onset of the CMBE may support such an explanation, as both climate change and carboncycle perturbation may have been coupled to certain stages of the same long-term tectonic change. For example, via the alteration of ocean circulation and ocean chemistry, solid earth processes could have influenced the production, preservation and burial of organic and carbonate carbon in shelf and deep-sea settings, and consequently the isotopic composition of the ocean-atmosphere reservoir (discussed in Jarvis et al. 2002) . The exact nature of these changes in carbon cycling were likely rather complex, due to the interactions between relatively long-term changes in boundary conditions (e. g., changes in spreading rate and opening of gateways; Larson 1991 , Frey et al. 2000 , Coffin et al. 2002 , Müller et al. 2008 ) and shorter term processes (e. g. reconfiguration of ocean circulation, changes in bottom-water chemistry: Barrera and Savin 1999 , Friedrich et al. 2009 , Robinson et al. 2010 , Robinson and Vance 2012 , Murphy and Thomas 2012 , Jung et al. 2013 .
What is clear is that the currently available data for the Campanian -Maastrichtian events cannot be reconciled with a simplistic interpretation of the carbon-isotope data alone. Commonly invoked mechanisms for negative CIEs, such as, oxidation of organic carbon, release of methane hydrates, and increased volcanism, would all lead to an increase in CO 2 in the ocean-atmosphere carbon reservoir that would be expected to cause synchronous warming during the negative δ 13 C event. However, warming is not observed; on the contrary, there is evidence from Mississippi (Linnert al. 2014) , the Pacific Ocean (Jung et al. 2013 ), northern Germany (Voigt et al. 2010 ) and the Indian Ocean Jenkyns 1999, Falzoni et al. 2016 ) that the CMBE is linked to an interval of relatively cool temperatures. The significant duration of this negative CIE during the Campanian -Maastrichtian, compared, for example, to Palaeogene hyperthermals, allows other mechanisms of perturbing the carbon cycle to be explored. A mechanism must be invoked that does not cause a rise in atmospheric CO 2 , but does cause a small negative δ 13 C excursion in DIC globally and, for the CMBE at least, a drop in atmospheric CO 2 (see Hasegawa et al. 2003) .
At present, it is difficult to ascribe a precise solution, but it is interesting to note that a number of studies have suggested that the CMBE was associated with an increased influence of southerly-sourced deepwaters (e. g. Barrera and Savin 1999 , Frank and Arthur 1999 , Jung et al. 2013 ). Most of these models suggest that the latest Cretaceous cooling raised the latitudinal thermal gradient, which led to an increase in the influence of global deep-water masses formed in southern high-latitude sources (Huber et al. 1995 , Linnert et al. 2014 . The presence of well-oxygenated southerly deep-waters could have resulted in a better ventilat-ed and less corrosive deep-ocean. If so, average rates of global organic-carbon respiration and carbonate burial would have increased, assuming that they were not offset by a slowing of deep-ocean circulation elsewhere. These rate changes would have had the effect of reducing organic-carbon burial rates, relative to carbonate burial, and thus reducing δ 13 C values (Jarvis et al. 2002) . A simple isotopic mass balance (e. g., the approach of Kump and Arthur 1999) shows that decreasing organic-carbon burial rates necessitates an increase in carbonate burial with an isotopically lighter value, assuming all other fluxes and reservoirs remain constant. Additional carbon-cycle and earth-system modelling is required to ascertain whether this mechanism can account for the CMBE and the absence of warming during that negative CIE over appropriate time scales.
The LCE is more difficult to explain, as it shows different patterns in Europe and North America (see discussion above). Our data from Shuqualak indicate that, around the LCE, there is a cooling event, but the difficulties of correlating Shuqualak with other records precludes a more definitive assessment. If our correlation is correct, then the relationship between the LCE and climate may be similar to that invoked for the CMBE, with a similar lag between climate change and carbon cycling (Fig. 6 ). An alternative model for the LCE (both pre-LCE and LCE main) proposed by Chenot et al. (2016) invokes a relationship between these CIEs and an interval of enhanced weathering in Europe and parts of the Tethyan Realm. This enhancement of weathering was perhaps the consequence of tectonic activity, a sea-level lowstand (Chenot et al. 2016) or a more humid climate. Two of these possible factors (tectonics, local climate) are region-dependent; thus they may have had different patterns in Europe and in North America. Differences in those factors may have therefore been responsible for the different shapes of the LCE in different oceanographic regions. Further local palaeoenvironmental parameters, that may have also caused different patterns in the carbonisotope record, include water depth, productivity, remineralisation in the water column, surface-water mass circulation patterns from areas with low surface δ 13 C, and ʻseawater ageingʼ (e. g., Holmden et al. 1998 , Voigt et al. 2012 ).
Conclusion
The Campanian -Maastrichtian carbon-isotope record from the Shuqualak-Evans core contains local expressions of the MCaE, the LCE, the CMBE and the MME, thereby adding to evidence from the Atlantic, Pacific and Tethyan Oceans for the global significance of these CIEs. The comparison of carbon-isotope and TEX 86 data demonstrates that two of these events (LCE, CMBE) occurred during intervals of cooler temperatures, suggesting a possible role for climate change in their genesis. However, significant temporal offsets between the cooling of both bottom and surface waters and the negative CIEs suggest that a simple cause-and-effect relationship, such as might be imagined through glacio-eustasy, is unlikely. Rather, in keeping with some previous studies, we suggest that both these CIEs were the result of a more protracted sequence of events linking tectonic (sea-floor spreading, oceanic gateways), palaeoclimatic (CampanianMaastrichtian cooling) and palaeoceanographic processes. An altered global oceanic circulation may have then affected bottom-water chemistry, leading to changes in the global ratio of carbonate to organiccarbon burial that ultimately drove the negative CIEs. However, unlike some negative CIEs in Earth history (e. g. the Paleocene -Eocene Thermal Maximum), there is no sign of global warming and no evidence for excess carbon input into the atmosphere during the CMBE and LCE intervals. The Late Cretaceous events described here clearly demonstrate that not all negative carbon-isotope excursions conform to the same model and that a better understanding of all these events is required to improve the interpretations of small negative CIEs throughout Earth history. 
